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Topic: Walker Circulation
Reading:
1. Hartmann Ch 8.3
2. VallisE Ch 16.4



Learning outcomes for today:
• Describe what the Walker circulation is and why it changes with ENSO
• Explain the vertical structure of temperature and moisture in the tropics
• Explain how temperature and moisture vary horizontally in the tropics
• Explain how the Walker circulation can be understood conceptually using a 2-layer,

2-column model



Basics



https://en.wikipedia.org/wiki/El_Ni%C3%B1o%E2%80%93Southern_Oscillation

Walker Circulation: air rises where it is relatively warm – over the West Pacific Warm Pool



https://www.meted.ucar.edu/training_module.php?id=738#.XoMcaZNKgWo

https://www.meted.ucar.edu/training_module.php%3Fid=738


http://library.open.oregonstate.edu/climatechange/chapter/processes/

Annual-mean rainfallAnnual-mean sea surface temperature

“Maritime continent” / 
West Pacific Warm Pool



Variability in the walker circulation: 
El Nino Southern Oscillation (ENSO)



https://www.youtube.com/watch?v=WPA-KpldDVc



https://www.youtube.com/watch?v=WPA-KpldDVc



https://en.wikipedia.org/wiki/El_Ni%C3%B1o%E2%80%93Southern_Oscillation

El Nino / La Nina: a “sloshing” of the upper Pacific Ocean





https://afriquetopnews.com/manual_el_nino_diagram_chart.php

Typically peaks in 
November 

Duration: 𝜏~6 − 12 𝑚𝑜𝑛𝑡ℎ𝑠
Frequency: 2-7 years (non-periodic)



A primer on the temperature and 
moisture in the tropics



1. Free-tropospheric temperature profile in the tropics
2. Moisture profile in the tropics
3. Horizontal temperature variations – free troposphere vs. boundary layer
4. How everything is linked to sea surface temperatures
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Figure 3.2: Mean temperature profile of the atmosphere for the tropical region (20�S-20�N) for
the years 1981-2010 according to the NCEP-DOE reanalysis (solid) and temperature of a pseu-
doadiabatic parcel ascent lifted from saturation at 850 hPa and initialised at the tropical mean
temperature (dashed). Shading represents the ±2� range of monthly temperatures for all months
and all gridpoints in the tropical belt.

processes (which includes radiation as well as large-scale dynamical uplift), and the same
arguments for moist neutrality used for RCE are applicable. We therefore expect that, in
convecting regions, the boundary-layer entropy s is roughly equal to saturation entropy s

⇤

within the free troposphere, and s
⇤ itself is roughly constant in the vertical.

The WTG approximation states that, because of the smallness of the Coriolis parameter
in tropical regions, temperature gradients in the free troposphere are rapidly removed by
the action of gravity waves. As a result, the tropical atmosphere cannot maintain strong
temperature gradients within the free troposphere. This implies that the temperature
profile in non-convecting regions of the tropics is strongly constrained by the temperature
profile within convecting regions.

Combining QE with the WTG approximation implies that

1. the thermal strcuture in convecting regions is constrained by the QE hypothesis to
remain close to moist neutral.

2. by the WTG approximation, the temperature profile within convective regions is
communicated to non-convective regions of the tropics, and the entire tropical tropo-
sphere is maintained in a state where the saturation entropy s

⇤ is roughly constant.

Fig. 3.2 shows that these conclusions are well justified; not only is the mean tropical thermal

Source: Martin Singh (Monash)

The temperature profile in the tropics is nearly moist adiabatic
This means that the tropics are nearly neutral to saturated ascent

𝜃$∗ constant
(moist adiabat)

∗ = saturated

𝜃$ ≈ 𝜃
&!#!
'"( [𝐾]

𝜃$∗ ≈ 𝜃
&!#!∗
'"( [𝐾] 𝑟!∗: saturation mixing ratio



But what determines which moist adiabat?

Thus, the properties of the boundary layer air in regions of deep convection set the free-
tropospheric temperature profile across the entire tropics.
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Figure 3.2: Mean temperature profile of the atmosphere for the tropical region (20�S-20�N) for
the years 1981-2010 according to the NCEP-DOE reanalysis (solid) and temperature of a pseu-
doadiabatic parcel ascent lifted from saturation at 850 hPa and initialised at the tropical mean
temperature (dashed). Shading represents the ±2� range of monthly temperatures for all months
and all gridpoints in the tropical belt.

processes (which includes radiation as well as large-scale dynamical uplift), and the same
arguments for moist neutrality used for RCE are applicable. We therefore expect that, in
convecting regions, the boundary-layer entropy s is roughly equal to saturation entropy s

⇤

within the free troposphere, and s
⇤ itself is roughly constant in the vertical.

The WTG approximation states that, because of the smallness of the Coriolis parameter
in tropical regions, temperature gradients in the free troposphere are rapidly removed by
the action of gravity waves. As a result, the tropical atmosphere cannot maintain strong
temperature gradients within the free troposphere. This implies that the temperature
profile in non-convecting regions of the tropics is strongly constrained by the temperature
profile within convecting regions.

Combining QE with the WTG approximation implies that

1. the thermal strcuture in convecting regions is constrained by the QE hypothesis to
remain close to moist neutral.

2. by the WTG approximation, the temperature profile within convective regions is
communicated to non-convective regions of the tropics, and the entire tropical tropo-
sphere is maintained in a state where the saturation entropy s

⇤ is roughly constant.

Fig. 3.2 shows that these conclusions are well justified; not only is the mean tropical thermal

Air enters the free-troposphere primarily via deep convective clouds.
Deep convection is how the boundary layer communicates to the free troposphere.

The 𝜃$ of boundary 
layer air here...𝜃$∗ ∼ 340 𝐾

...sets the temperature profile of the 
entire tropical free troposphere!



(c) Using your earlier answers for the deformation radius and your physical under-
standing of this length scale, explain why the tropical free troposphere must be
relatively uniform horizontally. (Note: this underlies a common assumption made
when modeling the tropical atmosphere called theWeak Temperature Gradient ap-
proximation or Weak Pressure Gradient approximation; for more information, see
Sobel and Bretherton (2000, JAS) or Romps (2012, JAS).)

Figure 1: Zonal-mean potential temperature ([K]; thin black) and tropopause (thick
black) for January. Altitudes are only approximate. Source: Mahlman (1997, Science)
https://science.sciencemag.org/content/276/5315/1079/tab-figures-data.

Figure 2: Left: annual-mean (geopotential) height of 500 hPa surface for 2016.
Right: annual-mean 500 hPa temperature for 2016. Source: NCEP/NCAR Re-
analysis. (Note: you can make these types of plots yourself very quickly here:
https://www.esrl.noaa.gov/psd/data/composites/day/.)

2 Wave properties

1. Plot the dispersion relation (! vs. k) for each of the following, with wavenumber
along the x-axis and wave frequency along the y-axis. Following convention, k < 0

3
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Figure 3.2: Mean temperature profile of the atmosphere for the tropical region (20�S-20�N) for
the years 1981-2010 according to the NCEP-DOE reanalysis (solid) and temperature of a pseu-
doadiabatic parcel ascent lifted from saturation at 850 hPa and initialised at the tropical mean
temperature (dashed). Shading represents the ±2� range of monthly temperatures for all months
and all gridpoints in the tropical belt.

processes (which includes radiation as well as large-scale dynamical uplift), and the same
arguments for moist neutrality used for RCE are applicable. We therefore expect that, in
convecting regions, the boundary-layer entropy s is roughly equal to saturation entropy s

⇤

within the free troposphere, and s
⇤ itself is roughly constant in the vertical.

The WTG approximation states that, because of the smallness of the Coriolis parameter
in tropical regions, temperature gradients in the free troposphere are rapidly removed by
the action of gravity waves. As a result, the tropical atmosphere cannot maintain strong
temperature gradients within the free troposphere. This implies that the temperature
profile in non-convecting regions of the tropics is strongly constrained by the temperature
profile within convecting regions.

Combining QE with the WTG approximation implies that

1. the thermal strcuture in convecting regions is constrained by the QE hypothesis to
remain close to moist neutral.

2. by the WTG approximation, the temperature profile within convective regions is
communicated to non-convective regions of the tropics, and the entire tropical tropo-
sphere is maintained in a state where the saturation entropy s

⇤ is roughly constant.

Fig. 3.2 shows that these conclusions are well justified; not only is the mean tropical thermal

500 hPa temperature (2016 mean)

𝜃$∗ ∼ 340 𝐾

Tropical free-tropospheric temperatures cannot vary much horizontally because the Coriolis force is weak
(the “Weak Temperature Gradient” approximation)

Source: NCEP/NCAR reanalysis
(make this yourself at www.esrl.noaa.gov/psd/data/composites/day )

Physically: gravity waves, especially Kelvin waves, move fast and so will rapidly smooth out horizontal pressure gradients
– and thus temperature gradients too, via hydrostatic balance.

http://www.esrl.noaa.gov/psd/data/composites/day


Romps (2014, J. Clim.)
“An Analytical Model for Tropical Relative Humidity"

1) Why does the RH profile take values in the range of
30%–90%? In other words, what basic physics pre-
vents the RH from taking values near 1% or, at the
other extreme, around 99%? Since relative humidity
is a dimensionless quantity, its magnitude should be
set by the dimensionless ratio of some physical
constants. If we knew what the relevant physical
constants were, then we could explain the 30%–90%
range of RH.

2) Why is the tropospheric RH profile shaped like the
letter C? As discussed below, this basic shape is
ubiquitous in observations, global climate models,
cloud-resolving models, and even simple numerical
models. Therefore, a simple and robust mechanism
must be responsible.

3) How should the free-troposphere RH change with
warming? Since water vapor is the earth’s dominant
greenhouse gas, any future changes in RH would
modulate the powerful water vapor feedback. It is
typically assumed that the distribution of RH will be
the same in a future climate as it is in the present
climate, but what physics underlies such an assump-
tion? In fact, GCMs do predict some changes in
relative humidity, as shown in Fig. 2 of Sherwood

et al. (2010a). As seen there, the multimodel mean
exhibits an increase of RH over the lower half of
the tropical troposphere, capped by a decrease in
the tropical upper troposphere and an increase in the
tropical lower stratosphere. These changes are in-
terpreted by Sherwood et al. as an upward shift of the
RH profile, but it remains to be understood what
physics is responsible for such a shift.

4) What role does the evaporation of hydrometeors
play in setting the relative humidity? It has been
suggested that the RH profile in the tropics is set
primarily by the evaporation of hydrometeors (Sun
and Lindzen 1993, hereafter SL93). If true, this would
suggest that the RH of the troposphere is not set by
simple physics, but is set, instead, by complicated
details of water microphysics. SL93 argue that, if
warming increases the fraction of condensed water
that reaches the ground as precipitation (i.e., as
measured by an appropriate definition of precipita-
tion efficiency), then the relative humidity should
decrease, thereby weakening the water vapor feed-
back. A simple model for tropical RH would aid in
exploring this proposed sensitivity to precipitation
efficiency.

FIG. 1. (top) Map of annual-mean relative humidity at 500 hPa in the tropics from ERA-Interim during the year 2013. (bottom) Mean
profiles of relative humidity for the Indo-Pacific warm pool (solid; averaged over the black box in the top panel) and the entire tropical
domain (dashed, 208S–208N) as a function of (left) height, (center) pressure, and (right) temperature.

1 OCTOBER 2014 ROMPS 7433

What about moisture? Air in the tropics is driest in the middle of the free troposphere
500 hPa relative humidity (annual-mean)

Moist boundary layer
(𝐻#$) ≈ 80%)

Drier free troposphere



Boundary layer 𝜽𝒆 (or moist static energy) is strongly controlled by sea surface temperatures

Source: ICOADS
(make this yourself at 
https://www.esrl.noaa.gov/psd/cgi-
bin/db_search/SearchMenus.pl )

𝑻𝒔𝒔𝒕 – 𝑻𝟐𝒎 [K] (1981-2010 mean) 2m 𝑯𝒓𝒆𝒍 [%] (1981-2010 mean)

Source: NCEP/NCAR reanalysis
(make this yourself at 

https://www.esrl.noaa.gov/psd/cgi-
bin/db_search/SearchMenus.pl )

T2m only slightly cooler 
(~1-2K) than SST

Hrel,2m ~80%
(remarkably constant over 
global oceans)

https://www.esrl.noaa.gov/psd/cgi-bin/db_search/SearchMenus.pl
https://www.esrl.noaa.gov/psd/cgi-bin/db_search/SearchMenus.pl


Boundary layer 𝜽𝒆 (or moist static energy) is strongly controlled by sea surface temperatures

Source: ICOADS
(make this yourself at 
https://www.esrl.noaa.gov/psd/cgi-
bin/db_search/SearchMenus.pl )

𝑻𝟐𝒎 [K] (1981-2010 mean)

Source: NCEP/NCAR reanalysis
(make this yourself at 

https://www.esrl.noaa.gov/psd/cgi-
bin/db_search/SearchMenus.pl )

Temp + moisture (+pressure/altitude) define key moist thermodynamic variables:

qv,2m follows T2m since
RH~80% nearly constant

𝜃$ ≈ 𝜃
&!#!
'"( [𝐾] ℎ = 𝑔𝑧 + 𝐶𝑝𝑇 + 𝐿*𝑟*

+
,-

2m specific humidity 𝒒𝒗 [g/kg] (1981-2010 mean)

T2m only slightly cooler 
(~1-2K) than SST

https://www.esrl.noaa.gov/psd/cgi-bin/db_search/SearchMenus.pl
https://www.esrl.noaa.gov/psd/cgi-bin/db_search/SearchMenus.pl


Note: weak temperature gradient approximation does not apply in the boundary layer

Source: NCEP/NCAR reanalysis
(make this yourself at 
https://www.esrl.noaa.gov/psd/cgi-
bin/db_search/SearchMenus.pl )

Upward sensible heat flux from surface [W/m2] (1981-2010 mean)

Source: NCEP/NCAR reanalysis
(make this yourself at www.esrl.noaa.gov/psd/data/composites/day )

Upward latent heat flux from surface [W/m2] (1981-2010 mean)

FSH,up ~0-30 W/m2

FLH,up ~20-200 W/m2

Large heat fluxes from surface to boundary layer maintain air temperatures close to SST (and thus their gradients too)
(also surface friction slows horizontal motions)

https://www.esrl.noaa.gov/psd/cgi-bin/db_search/SearchMenus.pl
http://www.esrl.noaa.gov/psd/data/composites/day
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Figure 3.2: Mean temperature profile of the atmosphere for the tropical region (20�S-20�N) for
the years 1981-2010 according to the NCEP-DOE reanalysis (solid) and temperature of a pseu-
doadiabatic parcel ascent lifted from saturation at 850 hPa and initialised at the tropical mean
temperature (dashed). Shading represents the ±2� range of monthly temperatures for all months
and all gridpoints in the tropical belt.

processes (which includes radiation as well as large-scale dynamical uplift), and the same
arguments for moist neutrality used for RCE are applicable. We therefore expect that, in
convecting regions, the boundary-layer entropy s is roughly equal to saturation entropy s

⇤

within the free troposphere, and s
⇤ itself is roughly constant in the vertical.

The WTG approximation states that, because of the smallness of the Coriolis parameter
in tropical regions, temperature gradients in the free troposphere are rapidly removed by
the action of gravity waves. As a result, the tropical atmosphere cannot maintain strong
temperature gradients within the free troposphere. This implies that the temperature
profile in non-convecting regions of the tropics is strongly constrained by the temperature
profile within convecting regions.

Combining QE with the WTG approximation implies that

1. the thermal strcuture in convecting regions is constrained by the QE hypothesis to
remain close to moist neutral.

2. by the WTG approximation, the temperature profile within convective regions is
communicated to non-convective regions of the tropics, and the entire tropical tropo-
sphere is maintained in a state where the saturation entropy s

⇤ is roughly constant.

Fig. 3.2 shows that these conclusions are well justified; not only is the mean tropical thermal

𝜃$∗ (or ℎ∗) 
constant

The 𝜃$ (or ℎ) of 
boundary layer air 

here...

...sets the temperature profile of the 
entire tropical free troposphere!

The behavior of the tropical atmosphere is strongly controlled by the SST distribution



Physical model for the Walker circulation
(or any system with variable SSTs and weak rotation)

Emanuel (2019, JAS)
“Inferences from Simple Models of Slow, Convectively Coupled Processes"

Inferences from Simple Models of Slow, Convectively Coupled Processes

KERRY EMANUEL

Lorenz Center, Massachusetts Institute of Technology, Cambridge, Massachusetts

(Manuscript received 20 March 2018, in final form 28 October 2018)

ABSTRACT

A framework for conceptual understanding of slow, convectively coupled disturbances is developed and
applied to several canonical tropical problems, including the water vapor content of an atmosphere in
radiative–convective equilibrium, the relationship between convective precipitation and columnwater vapor,
Walker-like circulations, self-aggregation of convection, and the Madden–Julian oscillation. The framework
is a synthesis of previous work that developed four key approximations: boundary layer energy quasi equi-
librium, conservation of free-tropospheric moist and dry static energies, and the weak temperature gradient
approximation. It is demonstrated that essential features of slow, convectively coupled processes can be
understood without reference to complex turbulent and microphysical processes, even though accounting for
such complexity is essential to quantitatively accuratemodeling. In particular, we demonstrate that the robust
relationship between column water vapor and precipitation observed over tropical oceans does not neces-
sarily imply direct sensitivity of convection to free-troposphericmoisture.We also show that to destabilize the
radiative–convective equilibrium state, feedbacks between radiation and clouds and water vapor must be
sufficiently strong relative to the gross moist stability.

1. Introduction

Among the most important processes at work in the
atmosphere is moist convection, which largely sets the
vertical temperature structure of the tropical and parts
of the extratropical troposphere and which is an im-
portant control on the distribution of clouds and water
vapor. Yet it is among the most complex of atmo-
spheric processes, involving detailed microphysical and
turbulent physics and poorly understood coupling to
the boundary layer and to large-scale atmospheric
circulations. Perhaps for this reason, it continues to
present serious challenges to numerical weather pre-
diction and climate models, and also to conceptual
understanding.
With the advent of global, cloud-permitting models,

the need to employ parameterizations of convection

diminishes, although for some time it will still be nec-
essary to represent in-cloud turbulence parametrically,
and cloud microphysical processes will have to be pa-
rameterized indefinitely. Yet even with the increasing
use of cloud-permitting models, understanding their
behavior (not to mention that of the real world) requires
a conceptual framework that provides a qualitatively
correct and satisfying view of the underlying mecha-
nisms. Understanding of complex phenomena like the
Madden–Julian oscillation (MJO) and self-aggregation
of convection will not simply emerge from observa-
tions, however comprehensive, or numerical simu-
lations, however successful they might be in replicating
the phenomenon.
Aside from being the ultimate objective of the sci-

entific endeavor, understanding is usually an important
stepping stone to improving applications. In climate
and weather prediction, it is the essential ingredient
in, for example, the representation of subgrid-scale
processes.
It is in this spirit of conceptual understanding that we

here present a candidate conceptual model of slow,
convectively coupled processes in the atmosphere. By
‘‘slow,’’ we refer specifically to processes whose intrinsic
time scale is long compared to time scales associated
with internal waves, but nevertheless fast compared to

Denotes content that is immediately available upon publica-
tion as open access.

Supplemental information related to this paper is available at
the Journals Online website: https://doi.org/10.1175/JAS-D-18-
0090.s1.

Corresponding author: Kerry Emanuel, emanuel@mit.edu
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! 2019 American Meteorological Society. For information regarding reuse of this content and general copyright information, consult the AMS Copyright
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where d is the depth of the boundary layer, hb is the
moist static energy of the boundary layer (which is as-
sumed to be well mixed in the vertical), Vh is the large-
scale horizontal velocity in the boundary layer, Fh is the
surface enthalpy flux, hm is a characteristic value of
moist static energy in the free troposphere (see Fig. 1b),
and _Qb is the radiative cooling of the boundary layer. In
writing (2) we have assumed that the moist static energy
transported into the boundary layer by deep convective
downdrafts has the same value as that entrained into the
top of the boundary layer as a consequence of large-
scale subsidence. Thismay not be a good approximation,
but we apply it here in the spirit of maximum simplicity.
Boundary layer quasi equilibrium may be thought

of as the limit of (2) as the depth dof the boundary
layer becomes vanishingly small. In that case, (2) may
be approximated, after substituting (1) for the sum
Md1we, as

M
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. (3)

This is our simple way of dealing with deep moist con-
vection. While relatively crude, it has been used with
some success in a forecast model of tropical cyclones
(Emanuel and Rappaport 2000) and in models of

tropical intraseasonal variability (e.g., Yano and Emanuel
1991). It is important to note that a strong sensitivity of
convection to free-tropospheric moisture enters through
the denominator of the last term in (3), but this has
nothing to do with entrainment into convective clouds.
Also note that the convective updraft mass flux di-
agnosed with (3) is singular in the limit that the air just
above the boundary layer becomes saturated. In practice
[e.g., in the forecast model discussed in Emanuel and
Rappaport (2000)], feedbacks from convection to the
moist static energy above the boundary layer usually
prevent this from happening.
The representation of convection by (3) is capable of

predicting a negative convective mass flux, which is
unphysical. In this case we return to (2) and take the
mass flux to be zero. Various analyses (e.g., Bretherton
and Sobel 2002) show that the lateral advection of moist
static energy in the boundary layer cannot be neglected
in this case, so that in regions without deep convection,
boundary layer quasi equilibrium becomes
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Here, we have retained the radiative cooling of the
boundary layer as it can be important when boundary
layer clouds are present, as often happens in subsiding
regions. Equation (4) should be used wherever (3)
predicts a negative mass flux.
As stated above, cloud microphysics are represented

by a single precipitation efficiency !p, which is used to

FIG. 1. Illustrating the general conceptual framework for slow, convectively coupled processes. (a) A generic
cross section through the tropical atmosphere, showing deep and shallow convection. (b) Characteristic vertical
profiles of moist static energy, saturation moist static energy h* and large-scale vertical velocity are shown. The
colors in the subcloud layer represent the magnitude of moist static energy, and the green vertical line separates the
deep convectively coupled region at left from the region free of deep convection at right. Deep convective updraft
mass fluxes are represented byMu , downdrafts associated with deep convection byMd, and the vertical velocity in
the clear air by we. See text for detailed description.
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ℎ∗ = 𝑔𝑧 + 𝐶𝑝𝑇 + 𝐿!𝑟!∗

Constant ℎ∗ = moist-
adiabatic lapse rate

depends 
on 𝑇

ℎ∗ = ℎ/&

ℎ!: free 
tropospheric value 
of moist static 
energy.
ℎ! < ℎ/& because 
it is drier.

Clear-sky subsidence due 
to radiative cooling
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where d is the depth of the boundary layer, hb is the
moist static energy of the boundary layer (which is as-
sumed to be well mixed in the vertical), Vh is the large-
scale horizontal velocity in the boundary layer, Fh is the
surface enthalpy flux, hm is a characteristic value of
moist static energy in the free troposphere (see Fig. 1b),
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1991). It is important to note that a strong sensitivity of
convection to free-tropospheric moisture enters through
the denominator of the last term in (3), but this has
nothing to do with entrainment into convective clouds.
Also note that the convective updraft mass flux di-
agnosed with (3) is singular in the limit that the air just
above the boundary layer becomes saturated. In practice
[e.g., in the forecast model discussed in Emanuel and
Rappaport (2000)], feedbacks from convection to the
moist static energy above the boundary layer usually
prevent this from happening.
The representation of convection by (3) is capable of

predicting a negative convective mass flux, which is
unphysical. In this case we return to (2) and take the
mass flux to be zero. Various analyses (e.g., Bretherton
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FIG. 1. Illustrating the general conceptual framework for slow, convectively coupled processes. (a) A generic
cross section through the tropical atmosphere, showing deep and shallow convection. (b) Characteristic vertical
profiles of moist static energy, saturation moist static energy h* and large-scale vertical velocity are shown. The
colors in the subcloud layer represent the magnitude of moist static energy, and the green vertical line separates the
deep convectively coupled region at left from the region free of deep convection at right. Deep convective updraft
mass fluxes are represented byMu , downdrafts associated with deep convection byMd, and the vertical velocity in
the clear air by we. See text for detailed description.
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Thermodynamically, this is no different from the Hadley overturning cell – air rises where it is warmer/moister and 
sinks where it is cooler/drier. (This is general for any weakly-rotating system, as you found in the tank lab!)
Dynamically, since the Walker circulation is zonal, we don’t have to worry about changes in angular momentum.

Hence, the Walker cell is largely driven thermodynamically (i.e. by zonal variations in moist static energy)

Clear-sky subsidence due 
to radiative cooling



A two-layer, two-column model for the Walker circulation

Warmer sea surface Cooler sea surface

ℎ0,2 ℎ0,3

ℎ4(∗ ℎ4(∗

ℎ5,2 ℎ5,3 ℎ) = 𝑔𝑧 + 𝐶*𝑇++, + 𝐿-𝑟-∗(𝑇++,)

Sea surface acts like infinite well of “air” 
saturated at sea surface temperature

Source: MIT OCW 12.811 
2011 (Emanuel)
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Weak circulation: deep convection in both columns

(1) + (2): ℎ0,3 = ℎ0,2
Moist static energy in boundary layer must 
also the same in both columns!

1) ℎ4(∗ = ℎ0,2
Free tropospheric lapse rate is set by the 
warmest ℎ2 (which occurs over the 
warmest SST).
This will then be true in both FT boxes –
(weak temperature gradient approx).

2) ℎ0,3 = ℎ4(∗
The cold column is also deeply convecting, 
so ℎ2,1 must match ℎ34∗

Deep convection is weaker in the cold column, but not shut off.
This is because the atmosphere in the cold box is a bit more stable relative to the colder ocean surface.

Source: MIT OCW 12.811 
2011 (Emanuel)
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ℎ4(∗ ℎ4(∗
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Strong circulation: deep convection only in warm column; circulation suppresses it in cold column

ℎ4(∗ ℎ4(∗

ℎ0,2 ℎ0,3

ℎ),0 ℎ),1

𝒉𝒃,𝒄 now varies independently.
When deep convection is shut off, 
the BL can no longer communicate 
with the FT. So it doesn’t “feel” ℎ4(∗ .

This is like the real Walker cell over the modern-day Pacific ocean:
Deep convection over the west Pacific warm pool, only shallow convection over the rest of the Pacific.

Source: MIT OCW 12.811 
2011 (Emanuel)

Simplest understanding: this will occur if the SST gradient is sufficiently strong



Can we model the transition between the two regimes?



d

!
›h

b

›t
1V

h
! =h

b

"
5F

h
2 (M

d
1w

e
)(h

b
2 h

m
)2 _Q

b
d,

(2)

where d is the depth of the boundary layer, hb is the
moist static energy of the boundary layer (which is as-
sumed to be well mixed in the vertical), Vh is the large-
scale horizontal velocity in the boundary layer, Fh is the
surface enthalpy flux, hm is a characteristic value of
moist static energy in the free troposphere (see Fig. 1b),
and _Qb is the radiative cooling of the boundary layer. In
writing (2) we have assumed that the moist static energy
transported into the boundary layer by deep convective
downdrafts has the same value as that entrained into the
top of the boundary layer as a consequence of large-
scale subsidence. Thismay not be a good approximation,
but we apply it here in the spirit of maximum simplicity.
Boundary layer quasi equilibrium may be thought

of as the limit of (2) as the depth dof the boundary
layer becomes vanishingly small. In that case, (2) may
be approximated, after substituting (1) for the sum
Md1we, as
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This is our simple way of dealing with deep moist con-
vection. While relatively crude, it has been used with
some success in a forecast model of tropical cyclones
(Emanuel and Rappaport 2000) and in models of

tropical intraseasonal variability (e.g., Yano and Emanuel
1991). It is important to note that a strong sensitivity of
convection to free-tropospheric moisture enters through
the denominator of the last term in (3), but this has
nothing to do with entrainment into convective clouds.
Also note that the convective updraft mass flux di-
agnosed with (3) is singular in the limit that the air just
above the boundary layer becomes saturated. In practice
[e.g., in the forecast model discussed in Emanuel and
Rappaport (2000)], feedbacks from convection to the
moist static energy above the boundary layer usually
prevent this from happening.
The representation of convection by (3) is capable of

predicting a negative convective mass flux, which is
unphysical. In this case we return to (2) and take the
mass flux to be zero. Various analyses (e.g., Bretherton
and Sobel 2002) show that the lateral advection of moist
static energy in the boundary layer cannot be neglected
in this case, so that in regions without deep convection,
boundary layer quasi equilibrium becomes
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Here, we have retained the radiative cooling of the
boundary layer as it can be important when boundary
layer clouds are present, as often happens in subsiding
regions. Equation (4) should be used wherever (3)
predicts a negative mass flux.
As stated above, cloud microphysics are represented

by a single precipitation efficiency !p, which is used to

FIG. 1. Illustrating the general conceptual framework for slow, convectively coupled processes. (a) A generic
cross section through the tropical atmosphere, showing deep and shallow convection. (b) Characteristic vertical
profiles of moist static energy, saturation moist static energy h* and large-scale vertical velocity are shown. The
colors in the subcloud layer represent the magnitude of moist static energy, and the green vertical line separates the
deep convectively coupled region at left from the region free of deep convection at right. Deep convective updraft
mass fluxes are represented byMu , downdrafts associated with deep convection byMd, and the vertical velocity in
the clear air by we. See text for detailed description.
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“Boundary layer quasi-equilibrium”:
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where d is the depth of the boundary layer, hb is the
moist static energy of the boundary layer (which is as-
sumed to be well mixed in the vertical), Vh is the large-
scale horizontal velocity in the boundary layer, Fh is the
surface enthalpy flux, hm is a characteristic value of
moist static energy in the free troposphere (see Fig. 1b),
and _Qb is the radiative cooling of the boundary layer. In
writing (2) we have assumed that the moist static energy
transported into the boundary layer by deep convective
downdrafts has the same value as that entrained into the
top of the boundary layer as a consequence of large-
scale subsidence. Thismay not be a good approximation,
but we apply it here in the spirit of maximum simplicity.
Boundary layer quasi equilibrium may be thought
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This is our simple way of dealing with deep moist con-
vection. While relatively crude, it has been used with
some success in a forecast model of tropical cyclones
(Emanuel and Rappaport 2000) and in models of

tropical intraseasonal variability (e.g., Yano and Emanuel
1991). It is important to note that a strong sensitivity of
convection to free-tropospheric moisture enters through
the denominator of the last term in (3), but this has
nothing to do with entrainment into convective clouds.
Also note that the convective updraft mass flux di-
agnosed with (3) is singular in the limit that the air just
above the boundary layer becomes saturated. In practice
[e.g., in the forecast model discussed in Emanuel and
Rappaport (2000)], feedbacks from convection to the
moist static energy above the boundary layer usually
prevent this from happening.
The representation of convection by (3) is capable of

predicting a negative convective mass flux, which is
unphysical. In this case we return to (2) and take the
mass flux to be zero. Various analyses (e.g., Bretherton
and Sobel 2002) show that the lateral advection of moist
static energy in the boundary layer cannot be neglected
in this case, so that in regions without deep convection,
boundary layer quasi equilibrium becomes
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Here, we have retained the radiative cooling of the
boundary layer as it can be important when boundary
layer clouds are present, as often happens in subsiding
regions. Equation (4) should be used wherever (3)
predicts a negative mass flux.
As stated above, cloud microphysics are represented

by a single precipitation efficiency !p, which is used to

FIG. 1. Illustrating the general conceptual framework for slow, convectively coupled processes. (a) A generic
cross section through the tropical atmosphere, showing deep and shallow convection. (b) Characteristic vertical
profiles of moist static energy, saturation moist static energy h* and large-scale vertical velocity are shown. The
colors in the subcloud layer represent the magnitude of moist static energy, and the green vertical line separates the
deep convectively coupled region at left from the region free of deep convection at right. Deep convective updraft
mass fluxes are represented byMu , downdrafts associated with deep convection byMd, and the vertical velocity in
the clear air by we. See text for detailed description.
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Clear-sky subsidence due 
to radiative cooling

Budget of BL moist static energy:
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where d is the depth of the boundary layer, hb is the
moist static energy of the boundary layer (which is as-
sumed to be well mixed in the vertical), Vh is the large-
scale horizontal velocity in the boundary layer, Fh is the
surface enthalpy flux, hm is a characteristic value of
moist static energy in the free troposphere (see Fig. 1b),
and _Qb is the radiative cooling of the boundary layer. In
writing (2) we have assumed that the moist static energy
transported into the boundary layer by deep convective
downdrafts has the same value as that entrained into the
top of the boundary layer as a consequence of large-
scale subsidence. Thismay not be a good approximation,
but we apply it here in the spirit of maximum simplicity.
Boundary layer quasi equilibrium may be thought

of as the limit of (2) as the depth dof the boundary
layer becomes vanishingly small. In that case, (2) may
be approximated, after substituting (1) for the sum
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This is our simple way of dealing with deep moist con-
vection. While relatively crude, it has been used with
some success in a forecast model of tropical cyclones
(Emanuel and Rappaport 2000) and in models of

tropical intraseasonal variability (e.g., Yano and Emanuel
1991). It is important to note that a strong sensitivity of
convection to free-tropospheric moisture enters through
the denominator of the last term in (3), but this has
nothing to do with entrainment into convective clouds.
Also note that the convective updraft mass flux di-
agnosed with (3) is singular in the limit that the air just
above the boundary layer becomes saturated. In practice
[e.g., in the forecast model discussed in Emanuel and
Rappaport (2000)], feedbacks from convection to the
moist static energy above the boundary layer usually
prevent this from happening.
The representation of convection by (3) is capable of

predicting a negative convective mass flux, which is
unphysical. In this case we return to (2) and take the
mass flux to be zero. Various analyses (e.g., Bretherton
and Sobel 2002) show that the lateral advection of moist
static energy in the boundary layer cannot be neglected
in this case, so that in regions without deep convection,
boundary layer quasi equilibrium becomes
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Here, we have retained the radiative cooling of the
boundary layer as it can be important when boundary
layer clouds are present, as often happens in subsiding
regions. Equation (4) should be used wherever (3)
predicts a negative mass flux.
As stated above, cloud microphysics are represented

by a single precipitation efficiency !p, which is used to

FIG. 1. Illustrating the general conceptual framework for slow, convectively coupled processes. (a) A generic
cross section through the tropical atmosphere, showing deep and shallow convection. (b) Characteristic vertical
profiles of moist static energy, saturation moist static energy h* and large-scale vertical velocity are shown. The
colors in the subcloud layer represent the magnitude of moist static energy, and the green vertical line separates the
deep convectively coupled region at left from the region free of deep convection at right. Deep convective updraft
mass fluxes are represented byMu , downdrafts associated with deep convection byMd, and the vertical velocity in
the clear air by we. See text for detailed description.
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0 = 𝐹" − (𝑀8 + 𝑤$)(ℎ0 − ℎ!)

The moist static energy of the boundary layer is assumed steady. Its value is set by a balance between:
Source: surface heat fluxes 𝐹5 (latent+sensible)
Sink: downward advection of low-𝒉 air from the free troposphere by convective downdrafts and radiative-subsidence.



Emanuel (2019, JAS)
“Inferences from Simple Models of Slow, Convectively Coupled Processes"

Inferences from Simple Models of Slow, Convectively Coupled Processes

KERRY EMANUEL

Lorenz Center, Massachusetts Institute of Technology, Cambridge, Massachusetts

(Manuscript received 20 March 2018, in final form 28 October 2018)

ABSTRACT

A framework for conceptual understanding of slow, convectively coupled disturbances is developed and
applied to several canonical tropical problems, including the water vapor content of an atmosphere in
radiative–convective equilibrium, the relationship between convective precipitation and columnwater vapor,
Walker-like circulations, self-aggregation of convection, and the Madden–Julian oscillation. The framework
is a synthesis of previous work that developed four key approximations: boundary layer energy quasi equi-
librium, conservation of free-tropospheric moist and dry static energies, and the weak temperature gradient
approximation. It is demonstrated that essential features of slow, convectively coupled processes can be
understood without reference to complex turbulent and microphysical processes, even though accounting for
such complexity is essential to quantitatively accuratemodeling. In particular, we demonstrate that the robust
relationship between column water vapor and precipitation observed over tropical oceans does not neces-
sarily imply direct sensitivity of convection to free-troposphericmoisture.We also show that to destabilize the
radiative–convective equilibrium state, feedbacks between radiation and clouds and water vapor must be
sufficiently strong relative to the gross moist stability.

1. Introduction

Among the most important processes at work in the
atmosphere is moist convection, which largely sets the
vertical temperature structure of the tropical and parts
of the extratropical troposphere and which is an im-
portant control on the distribution of clouds and water
vapor. Yet it is among the most complex of atmo-
spheric processes, involving detailed microphysical and
turbulent physics and poorly understood coupling to
the boundary layer and to large-scale atmospheric
circulations. Perhaps for this reason, it continues to
present serious challenges to numerical weather pre-
diction and climate models, and also to conceptual
understanding.
With the advent of global, cloud-permitting models,

the need to employ parameterizations of convection

diminishes, although for some time it will still be nec-
essary to represent in-cloud turbulence parametrically,
and cloud microphysical processes will have to be pa-
rameterized indefinitely. Yet even with the increasing
use of cloud-permitting models, understanding their
behavior (not to mention that of the real world) requires
a conceptual framework that provides a qualitatively
correct and satisfying view of the underlying mecha-
nisms. Understanding of complex phenomena like the
Madden–Julian oscillation (MJO) and self-aggregation
of convection will not simply emerge from observa-
tions, however comprehensive, or numerical simu-
lations, however successful they might be in replicating
the phenomenon.
Aside from being the ultimate objective of the sci-

entific endeavor, understanding is usually an important
stepping stone to improving applications. In climate
and weather prediction, it is the essential ingredient
in, for example, the representation of subgrid-scale
processes.
It is in this spirit of conceptual understanding that we

here present a candidate conceptual model of slow,
convectively coupled processes in the atmosphere. By
‘‘slow,’’ we refer specifically to processes whose intrinsic
time scale is long compared to time scales associated
with internal waves, but nevertheless fast compared to
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For more, you will need to go to the paper.
It is too much for this class unfortunately.



Now go to Blackboard to answer a few 
questions about this topic!


